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In this paper we present a theoretical analysis of the relative error e

vy in

measurements of the mean wind velocity with a cw Doppler scanning lidar. Our
analysis takes into account spatial and temporal averaging of the wind velocity
fluctuations and the dependence of this error on the turbulent state of the atmospheric
boundary layer during the measurements. Our theoretical results have been verified in
the experiments with a Doppler lidar at the Institute of Optoelectronics. The
experimental data have shown satisfactory agreement with the theoretical results. It is
shown that under conditions of stable atmospheric stratification and at altitudes
h > 150—200 m the measurements of mean wind velocity become representative
(e, < 10%) already after one scan. In the ground atmospheric layer (h = 60 m) under

conditions of neutral stratification the error e, <10—12% can be obtained only after

five scans (N = 5).
INTRODUCTION

The turbulence is one of the main sources of errors
in mean wind velocity measurements in the atmospheric
boundary layer with the use of a Doppler lidar. As is
known, in the atmosphere, especially in its lower layers,
the velocity of air flow changes randomly in space and
time. The difference between the wind velocity averaged
over the entire air flow and velocity being measured over
finite period in the bounded sensed volume in lidar
sensing may be interpreted as a random error in the mean
wind velocity measurements. The representativity of the
lidar measurements of the mean wind velocity can be
judged from the magnitude of this error.

Varying the sensing volume dimensions and
measurement time, we can obtain the acceptable values of
the random errors due to averaging. Hence the

representativity of lidar measurements of mean wind
velocity depends on the procedure of temporal and spatial
averaging of scattered lidar signal. In addition we must
bear in mind that measurement accuracy providing the
representativity of measurements depends on both
characteristic dimensions of turbulent eddies and strength
of turbulent mixing. In their turn they are determined by
the outer dynamic and thermal parameters of the
atmospheric boundary layer such as the roughness
parameter, the vertical turbulent heat flux, and so on.

This paper presents the results of theoretical and
experimental investigation of the representativity of mean
wind velocity measurements made by means of a coherent
cw Doppler lidar, which uses the conical scan technique, !
in the boundary layer of the atmosphere under different
turbulent conditions.
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CALCULATION OF MEASUREMENT ERROR

FIG. 1. Schematic illustration of the geometry of the
conically scanning lidar.

The technique of conical scan of the laser beam around
the vertical axis z (see Fig. 1) makes it possible to
determine the components of the wind velocity vector.
Really in the case of a homogeneous flow the value of V|
measured through Doppler frequency shift f, of the

received lidar signal

Vi =0/ f (1)

coincides with the radial component V of the velocity vector
V(V,,=V). The radial component V_ is related to the
components V_, V., and Vu of the vector V by the formula
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V.=V,sing +V cos¢cosd + Vy cos ¢ sin @, (2)

where 0 is the azimuth angle, ¢ is the elevation angle of
scan cone generatrix with respect to the horizon. When the
components VZ, V.\_,, and Vy of the velocity vector V are

constant, the dependence of V and consequently V|, on the

angle 0 is sinusoidal, and these components may be easy
determined from this sinusoidal dependence.’

In the real atmosphere the wind velocity V is a
random function of coordinates r = {x, y, z} and time ¢
because of turbulence. In this situation information about
the components of the wind velocity vector can be obtained
by fitting the measured dependence of V[ on 6 into the

sinusoidal model by the least-squares method '~

T
1 1 1 2
Visng T .{ AtV V1= oT { dt V(1) cos o t

T
2 f dt V(B sinogt , (3)

VL!/ Tcoso T f

where V, , V, , and V,, are the estimates of the wind
velocity components obtamed from lidar measurements,
T=2aN/ o, is the measurement time, N is the number of
revolutions, and o, is the angular velocity of laser beam
rotation around the vertical axis.

As noted above, the velocity V(¢) is determined
through the Doppler frequency f;, corresponding to the
frequency of centroid of the lidar signal power spectrum.
This frequency depends on the characteristics of the
medium, viewing geometry, parameters of the receiving—
transmitting system, and statistics of the measurable wind

velocity®

T =2 fax v o 0060, *
0

where

2
6, B p(z,t)
#exp _9 f dz" s, p(:(Z”’ 0

92(2,) .
0z, )= - - )
o, B _p(z, 1) , ,
{dz FeD) exp Z{dz o, p (2", )

is the function characterizing the geometry of sensing
volume and its scattering property, o, is the total scattering

cross section, B_is the scattering phase function, p, is the
concentration of scattering particles, a, is the beam radius
the initial plane 2'=0,

/2
a,9(z') = a, |:( ) * 02)2:| is the diffraction

beam radius, R is the curvature radius of initial phase front
of the beam, and k = 2n/A is the wave number.

The maximum contribution to the Doppler frequency
shift comes from particles moving with the velocities V (2')

in the vicinity of the point 2’ = at which the function

m’
0O,(2') reaches its maximum. Thus the effective length Az of

the sensed volume may be determined as
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= dr 06/ 0Lz
0

The atmospheric turbulence will be considered
stationary and horizontally homogeneous and the mean wind
velocity vector at the altitude / will be directed along the x
axis of the Cartesian coordinate system

<V>={0, Uh), 0}, (6)

where U is the mean wind velocity. In accordance with
Egs. (1), (3), and (4) we have

<V, >~ <VLy> ~0, <V, >~ Uuh) . )

The relative error in lidar measurements of the mean
wind velocity may be determined as

e, =<V, — U /U, ®
where V= *\/V2 + VL%/ is the measured value of the

horizontal wind velocity component. Assuming that
v, — Ul |VLy| < U, from Egs. (1), (3), (4), and (8) we
derive the formula

T
2
sxym\/{fdt de" F(¢, t) cos o t' cos o, t", (9)

where

Fe, = | de dor 00 0 Ker, 2, 1)

0
Rz, 2z, t, t") =
=<V ((z, 1), t) — <V (2, t), 1')>] x

x [V ez, t), ) — <V (e(2", "), t7) >] > (10)

is the spatiotemporal correlation function for the radial
wind velocity component and r(z', t') =
= {z'sing, z'cosg cosw t', z'cosp sinw t'}. The use of Taylor’s

6,7

hypothesis of ”"frozen” turbulence®’ and substitution of

relations (3) into Eq. (10) yields

Kz, 2", t', t") = cos? ¢ [K_(p) cos o, t' cos o, " +
Kyy(p) sin o, t' sin o) " + K.w(p) (cos o, t' sin o, " +

+sin o, ' cos o, t")] +sin ¢ cos ¢ [K . (p) (cos o, ' + cos o, ") +

K, (p) (sin oy t' + sin o, t")] + sin? ¢ K (p), (G50

yz

where p = r(z', t') — r(z", t"") + <V>(t' — t"),

Kup) =<V +p, 0 —<Vp][V,(r, 0 —<V,>]> (12)
is the spatial correlation tensor of the wind velocity
fluctuations, and I, k = z, x, y.

For simplicity we further assume that the anisotropy of
wind fluctuations insignificantly affects the error e, (see
Ref. 7). In this instance the correlation tensor is expressed as
follows:
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1 dK(p) PiP
K,k(p)=K“(p)81k+§pd—p dlk—7 , (13)

were K,(p) denotes the function of the longitudinal spatial
correlation of wind velocity, 8, =1, §,,, =0, and p = Ipl.

Thus in order to calculate the measurement error €y it
is necessary to know the function K,(p). Among the known
models for this function the exponential model

_ 2
K, (p) =0, exp(—=p/1), (14)
is most widely used, where c,zt is the fluctuation variance

and [, = fdp K, (p)/c? is the integral correlation length

0
for the longitudinal component of the wind velocity. The
use of the von Karman model of the spatial spectrum of
turbulence

S ) =0.637021,/ (1 +18121%)>6 (15)

u-u

allows us to obtain the relation of the parameters 012, and [,
of the function K,(p) with the turbulent energy dissipation

rate &, Really for high—frequency range (n> 1/1)
Eq. (15) yields

S,(n) = 0.394 62 [2/3 9753, (16)

uw-u

For the inertial interval the turbulence spectrum is
written as®”?

S,(n) =C 8375753, 17)

where Ck is the Kolmogorov constant, which takes the
values in the range between 0.33 and 0.5 according to
Ref. 7. From Egs. (16) and (17) it follows that

£0.394Y" " oy
g _( Cp ) er (18

In the atmospheric boundary layer the parameters U, 012,,
l, and e, depend primarily on two dynamical parameters,
namely, the geostrophic wind velocity G = |AP] /A fpy) (Where
AP is the horizontal pressure gradient, p, is the air density,

and f is the Coriolis parameter) and the roughness parameter
2, and one thermal parameter, namely the vertical turbulent

heat flux H=C »Po Ky —v,), where C ) is the air heat
capacity, KT is the turbulent exchange coefficient, y= —
dT,/dz is the lapse rate of the mean temperature T, and y, is

the adiabatic lapse rate.5789 In the surface layer (% < 20—
100 m) the turbulent heat flux H remains constant, and above
this layer H depends on the altitude 7 because of diurnal
variation of radiation regime of heating of the Earth surface
and air.” The parameter, which is usually used for the
description of thermal stratification, is the Monin—Obukhov
length?

=—u2/(gOKH/TOp0Cp), (19)

where «~ 0.4 is the von Karman constant, 90 is the
acceleration due to gravity, and, u_ is the friction velocity.
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The equation for the mean velocity in the atmospheric
surface layer has the following form’:

dUG) 0D
dz ~ kz (20)

where ¢, is some universal function of the dimensionless
parameter ¢ =z/L. For neutral stratification (y =y ”
H =0, L = ») the function (p“(O) =1.

In order to find U(z) let us use the empirical formula

1+50, €20,

= , 21
20 {(1—15@1/3, £<0, 20

which is in satisfactory agreement with the experimental
data of Ref. 10. Then, taking into account the condition

zy < |L|, we can derive from Eq.(20) the approximate
formula for the mean wind velocity in the form

z 1
111(2—0>+ 53¢, tz—7s,

Uy
LT(Z)_ k

1 1 1
ln(zio W)—§+3 [1—(151d) 1731, ¢c<— '

(22)
For calculations of ¢, and c,zt we can use the formulas”!!

u
er =15 [0, 0 — ¢l (23)
CZ _ CZ
2 =2 21 = R —— 24
G” u*|: v C/(PU(C) + 1 — C/(PH(C):| ’ ( )

where C and C, are empirical constants (C, = 1.3 — 2.2
and Cu =2.1-—2.9, see Ref. 6). The friction velocity u,

depends on the geostrophic wind velocity, the roughness
parameter, the Coriolis parameter, and the thermal
stratification (stability). It can be calculated theoretically
(see, for example, Refs. 7, 9, and 12), if information on the
above—listed parameters G, z, f, and H is available, or be

measured directly near the Earth surface using the known
measurement procedure.’ The correlation length [, can be
calculated by formulas (18), (21), (23), and (24).

The models (21)—(24) allow us to calculate u, o2, I,

wou
and g, at arbitrary altitude in the surface layer of stationary

and horizontally homogeneous atmosphere, if the parameters
25, L, and u, are known. In general the theoretical models

of these turbulent characteristics of the boundary layer can
be created on the basis of numerical solution of
corresponding equations (see, for example, Refs. 7, 9, 13,
and 14). But in the case of neutral thermal stratification the

simple empirical formulas®>~15
o (2) =o,sexp(—=C 2/l , (25)
1)
1(2) = — 1. (26)
1+, Iy,
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can be used. Here ¢ and [, are the variance and the
correlation length of the longitudinal wind velocity
component, calculated by formulas for the surface layer
(Egs. (18), (23), and (24) for ¢ = 0), hy =~ Kll*/|f| is the

effective  atmospheric ~ boundary  layer  thickness
(hB ~1km, see Ref 7), C, and C, are empirical
constants, which are equal to 0.8 and 2.5 according to the
data of experimental studies performed in Ref. 15.

From Eq. (9) it follows that when V,, is measured,
temporal as well as horizontal (over the base of a scan
cone) and longitudinal (over the beam axis) spatial
averagings of the wind velocity fluctuations take place
simultaneously. The parameters of the spatial averaging
are R and ¢, and the parameters of the temporal
averaging are N and o, We must answer the question:
What values of these parameters provide for the
representative measurements of the mean wind velocity?
In order to answer this question, we must estimate the
measurement error €, . According to Egs. (9)—(15), the
error £, depends strongly on the atmospheric parameters

62, I, and U, and the expression for e can be

w u XY
represented by the product of the ratio c;zt/U, ‘iiescribing
the turbulence strength, and the function of the
parameters a/I, (a = R cosg is the radius of the base of a
w U/(l” oy), and N. It is obvious that
the larger are the ratios a/I, and Az/1,,

efficiency of spatial averaging, and the larger is the ratio
U/(l,o,), the greater is the efficiency of temporal

scan cone), Az/[
the greater is the

averaging. We note that usually €y < 10% is sufficient
for representativity of mean wind velocity measurements.
Figures 2 and 3 show the theoretical estimates of the

error g, in the wind velocity measurements performed with a
Doppler lidar in the atmospheric surface layer at the altitude
/=60 m. The calculations were performed at A = 10.6 pm for
a,=15cm, t,=2n/0,=12s, U=10m/s, and 5, /U = 0.15.

Figure 2 illustrates the dependence of €., On the

number of revolutions N at the elevation angle ¢ = 45°
(see Fig. 1) for different values of the correlation length
L, = 300(7), 200(2), and 100 m (3). Solid lines show the

results of calculations based on Eq. (9), dashed lines
show the results of calculations by the formula

&y =T 27)

which was obtained by Kristensen et al.!® under condition
N>1 /(Ut). It is seen from Fig. 2 that formula (27)

gives the results which are close to that calculated by
Eq. (9) only when N > 10. According to curve 2 for
lu = 200 m (the length, which is realized under condition

of neutral stratification) the lidar measurements become
representative (the error €y S 10%) Dbeginning with
N =~ 5, if we use Eq. (9), and with N ~ 8, if asymptotical
formula (27) is used for estimation.

Different values of the length /, may be thought of as

corresponding to different types of thermal stratification.
Thus depending on the class of atmospheric stability (values
of 1), the representativity of lidar wind velocity

measurements is achieved for different numbers of
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revolutions: N > 2 for l" =100 m, N >35 for l" = 200 m,
and N > 8 for /, = 300 m.

Exy %
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1
0 2 4 o6 8

FIG. 2. Measurement error ¢

vy 0ETSus the number of

revolutions N.
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FIG. 3. Measurement error e, versus the elevation angle

¢ for N=1(1 and 1') and 10(2).

Figure 3 shows ¢_  dependence on the elevation

xy
angle ¢ calculated at the fixed altitude /4. Since in this
case the radius of the base of a scan cone @ and the length
of a sounded volume along the beam axis Az vary with
the angle ¢, the results shown in this figure serve as a
good example of the spatial averaging effect on the error
in Doppler-lidar measurements of mean wind velocity.
Increase of the angle ¢ causes the decrease of the

averaged volume and therefore, increase of €y In
particular, at ¢ = 60° and N =1 (curve 1) the relative
error in lidar measurements becomes larger than the

relative variance of the wind velocity fluctuations o,/U
(sw >0,/U=0.15). In the limiting case ¢ — 90° the
value of Epy ~ tan ¢. When ¢ — 0°, the averaged volume

increases and €., = 0.
Dot-dashed curve 7 in Fig. 3 shows the result of

calculation of €y, without regard for the spatial averaging

along a laser beam (Az = 0). It is seen that in the region
¢ > 10° the longitudinal averaging makes insignificant
contribution as compared with the horizontal averaged
over the cone circular base. The reason is that in the
surface layer (£ < 100 m) the radius of the base of a scan
cone a = h/tge far exceeds the extension of a sounded
volume along the beam axis Az = 0.5 k(h/ao)z/sinzq),

that is, @ > Az. It seems likely that the effect of spatial
longitudinal averaging on the value of €y becomes

pronounced only for high-altitude measurements in the
atmospheric boundary layer, when the inverse inequality
a < Az is fulfilled.
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FIG. 4. Vertical profile of the measurement error £y

The curves in Fig. 4 illustrate the €y dependence on the

measurement altitude % for one revolution (N =1) at two
different elevation angles (¢ =30 and 60°). In calculations,
the models (18)—26) were used under conditions of neutral
stratification and the friction velocity and roughness parameter
were set u, = 0.65m/s and z;, = 0.24 m. It can be seen that

the error &, decreases with the altitude increase and beginning

with /2 2 150 m it becomes less than 10% at ¢ = 30°. Thus
already one revolution provides for the representativity of
lidar measurement of the mean wind velocity at given
conditions in the boundary layer. Because of greater degree of
spatial averaging the error value decreases more rapidly at
¢ = 30° than at ¢ = 60°.

EXPERIMENT

The measurements were carried out in the spring-summer
season of 1992 in the south of Germany in Lichtenau. A
Doppler lidar was located on the even ground, approximately
100x200 m in size, surrounded by trees and a few buildings.
The ground was covered by grass about 20 cm high. The lidar
sounding was accompanied by simultaneous measurements of
the wind velocity with a cup anemometer located at an
altitude of 60 m. The distance between the lidar and mast
with the cup anemometer was about 50 m. Near the
measurement  site the roughness parameter z, was

approximately equal to 0.24 m. Figure 5 shows the setup and
geometry of the experiment.

fe—— =104 m —>
1@ =35m
pe——>|

FIG. 5. Experimental geometry.

The class of thermal stratification was identified from the
wind velocity and temperature measurements performed with
the use of cup anemometers and thermometers placed at fixed
altitudes h; (h;=03m, hy=07m, hy=15m, h;=3m,
and /;=6m). The data of cup-anemometer measurements
were also used for estimation of the friction velocity u, and

the level of turbulent fluctuations of the wind velocity o,/U.

To evaluate the effect of spatial averaging on the error €y the

lidar measurements were carried out at two elevation angles
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¢ = 30 and 60°. In this case the sensing range was adjusted in
such a way as to measure at the same altitudes at both angles.
The angular velocity was 30 deg/s for all measurements.

The measured wind velocities Vw (in m/s) are shown in

Figs. 6a—f. Points indicate the lidar data obtained for one
revolution (N = 1), crosses and triangles denote the cup
anemometer data averaged over periods of 2 and 10 min,
respectively. Each run of lidar measurements shown in
Figs. 6a—f consisted of ten independent measurements which
were carried out at random intervals 2—10 min. In its turn
each of these ten independent measurements was performed
during the course of nine continuous revolutions of laser beam
around the vertical axis.

The data were obtained under neutral (Fig. 64, b, and
d), stable (Fig. 6¢), slightly unstable (Fig. 6¢), and unstable
(Fig. 6f) stratifications. In all the measurements the elevation
angle ¢ was 30°, except for the data shown in Fig. 6b and
obtained at ¢ = 60°. The data shown in Figs. 6a and b were
obtained under identical turbulent conditions of the
atmospheric surface layer. This allows us to estimate correctly
the effect of spatial averaging on the lidar wind velocity
measurement accuracy. It is clear that the points in Fig. 6a
(¢ = 30°) are less scattered than the lidar data in Fig. 6b
(¢ = 60°) because of greater degree of spatial averaging. The
wide spread of the points in Fig. 6d is primarily connected
with mesoscale variations of the wind velocity (apparently,
gravitational waves with a period of ~20 min) rather than
with atmospheric turbulence. Figures 6¢ and [ illustrate the
effect of atmospheric stability on the lidar wind velocity
measurements for N = 1.

The code, used for processing of lidar data, allowed us to
obtain the three components VLz’ VL.‘,, and VLy of the wind

velocity vector for one revolution (N =1). In order to
estimate the horizontal wind velocity component Vi for

different numbers of revolutions N, we must use the formula

) { N ) 2 N ) 2
ij(N =N [121 vg_,.(k)} + [kg V]Ly(k):| , (28)

where the independent measurements performed with the
Doppler lidar are labelled by an index j = 1, 2, ..., n (n = 10)
and N =1, 2, ..., 9. In Eq. (28) only the adjacent terms of
the data series V/ (k) and Vg'y(k) of j—th measurement step

are summed up so that summation in Eq. (28) is equivalent to
integration in Eq. (3).

The errors in lidar measurements of mean wind velocity
were calculated from the experimental data by the formula

. n Vj”/(j\f) :| 2
£, (N) :\/n — 1;[ an - (29)

where <V7> is the estimate of the mean wind velocity.
Assuming that the atmosphere was stationary in the course of
measurements the results of which are shown in Figs. 6a, b, e,
and f, the mean wind velocity was calculated by the formula

. 1N . .
<Vf>=<V>=;§1 1 £5 (9). In calculations of the

measurement errors for the data shown in Figs. 6¢ and d, the
cup anemometer data, averaged over the period
[tj — (1/2)At, tj +(1/2)At] at At =10 min, were used for

<VJ> there by providing for mesoscale variations of wind
velocity. It is obvious that the less is N, the larger number of

&, can be calculated from the data of the jth measurement

due to different combinations of ij(N). Thus for N =1 we



V.A. Banakh et al.

can form 9 combinations of V_,rf:”(1) from the data series
V2D, s VAR, (VD .., V/(O)} of the j—th
measurement. For N = 2, there are 8 combinations of pairs
V{y(Z), consisting of neighboring values of the wind velocity,
for N =3 we have 7 combinations of three neighbouring
values VY{I/(S), and so on. For N = 9 only one combination can

be formed. The data on €y corresponding to the given value of

N are presented below as results of averaging over all the
combinations available for the given N.

A comparison of the experimental values of the error €y
(in per cent) in the surface atmospheric layer with the
theoretical results is shown in Fig. 7. Curves denote the

results of theoretical calculations of €y by formula (9).
Symbols denote the errors calculated from the experimental
data shown in Figs. 6a—f. It is seen that the theoretical and
experimental data are in satisfactory agreement. This allows us
to explain the behavior of the relative error €y a5 A function
of the number of revolutions N for different classes of
atmospheric stability. As atmospheric stability increases
(h/L > 0), the turbulence strength 6,/ U and the correlation
length [, decrease, and therefore, the accuracy of lidar
measurements of the wind velocity improves. As Fig. 7 shows
(points and solid line), in the case of stable stratification one
revolution (N =1) provides for the mean wind velocity
measurements with the error < 10%. The accuracy of wind
velocity measurements with the use of the Doppler lidar
deteriorates with the increase of the atmospheric instability
(h/L < 0) due to the increase in the parameters o,/U and [,.
As can be seen from Fig. 7, five revolutions (N ~ 5) provide
for the mean wind velocity measurements with the error
€y S 10—12% in the case of neutral and slightly unstable

stratifications at ¢ = 30°.
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In order to check the theoretical conclusions about the
behavior of €, as a function of the altitude %, ten independent

measurements of the wind velocity were carried out at
altitudes of 60 m, 160 m, 260 m, and 360 m for N =1 at
¢ = 30°. All measurements were performed for 40 minutes.
Figure 8 shows the lidar data (points) and the wind velocity
profile averaged over these data (dashed line).

Figure 9 illustrates the dependence of £y, ON the altitude

h. Solid line shows the result of calculation by formulas (9)—
(14), (25), and (26). Points denote the results obtained from
the experimental data shown in Fig. 8. Figure 9 confirms the

theoretical conclusions (see Fig. 4) that the error €y decreases
rapidly as the measurement altitude % increases. Such behavior
of &y is explained by two reasons. On the one hand, the
turbulence strength c"/ U decreases as / increases, because the

mean wind velocity increases with altitude, as can be seen
from the preceding figure, and conversely, o, decreases, as it

follows from formula (25). On the other hand, the spatial
averaging becomes more efficient, since the ratios a/I, and

Az/I, increase with altitude.
Really, according to Eq. (26) the parameter /, at first

increases with altitude 2 nonlinearly, and then saturates at the
level h,/C, when i — . At the same time, a ~/ and

Az ~ h2. This is illustrated by the following example. Let the
parameters [, /i and C, in Eq. (26) Dbe lus(z) = 5z,

hg =1000 m, and C,=2.5. Then at ¢ =30° and altitude
h=60m, we obtain @~ 104 m, Az~14m, and [, ~ 172 m
(a/1,~0.6 and Az/I ~0.05). At altitude 2 =360 m we
obtain a ~ 624 m, Az ~ 311 m, and l" ~327 m (a/l" ~1.9 and
Az/1,~0.95). Tt is obvious that at an altitude of 360 m the
spatial averaging is effective.

UxyT . o 19.05.92
12
Usy s L 19.05.92 a 1
11 10
10 o
9 8
8 7
1 ] I *+ L e 4+t ! |
14:40 14:50  15:00 15:10 15220  15:30 1540 15150  16:00 16:10 16120  16:30
Uxy[ 20.05.92
Uxy 02.06.92
6 0 .tc ¢
5 s . St
4 .';' +.o L 1y
3 'S ’
> ] 1 L+ | ] ] 1 1 ] L1 ]
19:40  19:50  20:00 20:10 20:20 15:00 15:10 1520 15:30  15:40
Uxy 15.07.92

+4+

15:00 15:10 15:20  15:30 15:40

14:50 15:00 15:10 15:20 15:30 15:40

FIG. 6. Lidar and cup-anemometer wind-velocity measurements. ¢ = 30°: neutral (a and d), stable (c), slightly unstable (e),
and unstable (f) stratifications. ¢ = 60°: neutral stratification (b).
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FIG. 7. Errors in lidar mean wind velocity measurement. +,
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CONCLUSION

Formula (9) derived in this paper allows us to
estimate the error in the mean wind velocity measurement

V.A. Banakh et al.

with the use of a scanning Doppler lidar taking into
account the temporal and spatial averaging of the wind
velocity fluctuations and turbulent state of the
atmospheric boundary layer during the measurements.
Theoretically calculated lidar measurement errors for
different classes of thermal stratification have been
compared with the errors in the experimental data.
Satisfactory agreement of the theoretical results with the
experimental data is indicative of the adequacy for the
theoretical modes created in this paper to estimate the
accuracy of lidar mean wind velocity measurements in the
atmospheric boundary layer.

It has been shown that at the elevation angle
¢ = 30°, under conditions of the stable atmospheric
stratification and at altitudes 2 > 150—200 m the mean
wind velocity measurements become representative

already for one revolution (N = 1) €., = 10%. In the case

of neutral or slightly unstable stratification of the surface
layer (h=60m), N =35 provides for the error
By S 10—12%.
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